[1] Thinning of mantle lithosphere due to Rayleigh-Taylor instability can be a mechanism for triggering continental magmatism near active or recently active plate boundaries. We consider whether it is also plausible as a mechanism for intracontinental magmatism, several hundred kilometers from active subduction or rifting. We perform two-dimensional Rayleigh-Taylor experiments and find that a shear stress-free top and non-Newtonian flow permit two types of instability to develop, largely dependent on how the viscosity coefficient varies with depth. For small variation with depth, with the e-folding depth scale (the interval across which the coefficient changes by a factor of e) greater than a third to a half of the thickness of the unstable layer, deformation concentrates at the ends of the layer in localized thinning and thickening zones; the middle part moves horizontally toward the region of thickening as a coherent block undergoing minimal strain. When the viscosity coefficient decreases more rapidly with depth, thinning of the layer is distributed laterally over a wide zone. Between the regions of thickening and thinning, shear strain and vertical gradients in horizontal velocity prevent this area from moving as a coherent block. The rheological exponent, n, that relates strain rate to stress in the constitutive equation controls the degree of localization of the downwelling and upwelling: the width varies as %n À1/2 . In intraplate settings where a shear stress-free top condition could be applicable, high-stress crystalline plasticity could provide a mechanism for the narrow zones of thinning and upwelling, which would facilitate decompression related volcanism.
Introduction
[2] Continental magmatism is a common occurrence in tectonically active regions of subduction or rifting. Subduction zone arc magmatism is produced mainly through chemical interaction between the subducted crust and mantle material [e.g., Kay, 1980; Morris et al., 1990] . Rifting, on the other hand, thins lithosphere to allow the underlying asthenosphere to melt through adiabatic decompression as it rises [e.g., McKenzie and Bickle, 1988] . How then do we explain continental magmatism, that occurs several hundred kilometers from plate boundaries (e.g., northern Tibetan plateau, the North China Craton), in the absence of these tectonic processes? Barring heat sources from below, produced perhaps by mantle plumes, or the introduction of a chemical process, we are left to explore another way to thin lithosphere and generate melt [e.g., Elkins-Tanton, 2005] .
[3] Dynamic, ductile removal of lower lithosphere is one possibility that creates the accommodation space required for the rise of material and hence either decompression melting or melting from conductive heating of shallower lithosphere. With plausible conditions, the Rayleigh-Taylor instability of the mantle lithosphere when perturbed enough can thin the lithosphere to a significant degree (by tens of percent) to overcome stabilization by thermal diffusion [e.g., Conrad and Molnar, 1997; Gemmer and Houseman, 2007; Hoogenboom and Houseman, 2006; Molnar et al., 1998; Molnar and Houseman, 2004] . Additionally, if part of the crust has been transformed into eclogite, its density [e.g., Jull and Keleman, 2001; Kay and Kay, 1993] and low viscosity [Austrheim, 1991] allow it to participate in the downwelling/removal of mantle lithosphere [e.g., Farmer et al., 2002] . The inclusion of eclogite in a Rayleigh-Taylor process would also contribute to the effective thickness of the unstable layer, which affects the lateral extent of eventual thinning. For instance, the Sierra Nevada shows evidence of removal of a 40-60 km thick eclogitic layer in addition to the underlying mantle lithosphere [Ducea and Saleeby, 1996] . Jull and Keleman [2001] found a variety of lower crustal compositions that can develop instabilities in layers only 10 km thick on relevant timescales.
[4] With Rayleigh-Taylor instabilities, removed lower lithosphere is replaced with less dense asthenosphere, and the effects of this process are seen with a variety of observations. Geomorphic observations such as regional surface uplift and/or tilting [e.g., Stock et al., 2004; Unruh, 1991] , seismic observations including low seismic wave speeds [e.g., Jones et al., 1994; Reeg et al., 2007] , and geochemically, the appearance of high-potassium magmas can all result from thinned lithosphere [Farmer et al., 2002; Hoernle et al., 2006; Kay and Kay, 1993; Turner et al., 1996] . Perhaps because of the difficulty of inferring the previous state of the lithosphere through time, these instabilities commonly have been suggested to apply to regions of recent tectonic activity (<10 Myr) such as the Sierra Nevada in California [e.g., Ducea and Saleeby, 1996; Lee et al., 2001; Jones et al., 2004] , sections of the Andes [e.g., Kay and Kay, 1993] , New Zealand [e.g., Stern et al., 2000 Stern et al., , 2006 , and the southeast Carpathians in the Vrancea region [e.g., Knapp et al., 2005] .
[5] In each of these locations, the inferred downwelling zone must be compensated by an adjacent zone of lithospheric thinning; for instance the Vrancea downwelling is accompanied by thinning of the mantle lithosphere beneath the Transylvanian basin [Lorinczi and Houseman, 2009] . Often, in the absence of evidence indicating the location of downwelling flow, removed lithosphere is assumed to have sunk immediately below regions of thin lithosphere. Another characteristic of these regions of thin lithosphere is that they share a regional length scale. The lateral extent of such regions often covers at least 100 km, sufficient for resolution by key observation techniques such as travel time tomography, where densely spaced seismic networks have been deployed [e.g., Reeg et al., 2007] .
[6] In many regions that have been affected by previous, subducted slab-related metasomatism, removal of mantle lithosphere has been accompanied by potassic magmatism. Although it is possible for magma to be generated from the sinking of detached, downwelling mantle lithosphere [Elkins-Tanton, 2005 , 2007 , high-potassium instabilitygenerated melts have been more commonly ascribed to thinning of lithosphere [Elkins-Tanton and Grove, 2003; Farmer et al., 2002; Hoernle et al., 2006; Kay and Kay, 1993; Lee et al., 2001; Manley et al., 2000; Turner et al., 1996] . Not all continental potassic magmatism is related to lithosphere instabilities, however [e.g., Farmer et al., 2008] , and it is unknown whether potassium and hydroxyl-rich (water rich) zones in the mantle can contribute to conditions needed for lithospheric removal. Still, at present the localization of high-potassium magmas seems the best indicator for lithospheric instabilities that occur on short length scales, or for those that occurred sufficiently far into the past that other indicators may have been lost. Building on earlier work, we investigate how this signature magmatism could be related to the localized thinning of the lithosphere.
[7] Houseman and found, using numerical experiments of Rayleigh-Taylor instability of a layer with stress-dependent viscosity and a rigid upper surface, that for long perturbation wavelengths, deformation was more localized above upwelling/downwellings than for shorter wavelengths or for cases with Newtonian viscosity. In general the wavelength of maximum growth rate is about three times the unstable layer thickness. Thus it would seem that lithospheric thinning need not occur immediately adjacent to downwelling but could be displaced a distance several times the thickness of the unstable layer. When wavelength is increased for a shear stress-free upper boundary, the wide separation of the upwelling zone from the downwelling implies that thinning of lithosphere, and related magmatism, could occur in narrow groupings hundred of kilometers from the downwelling perhaps in the absence of upper crustal deformation. In some cases, this could be several hundred kilometers from previous zones of subduction and might be described as intraplate volcanism.
[8] In several continental regions with potassic magmatism hundreds of kilometers from plate boundaries, the link to a tectonic or dynamic mechanism is not obvious. In Tibet, most of the late Cenozoic potassic volcanism centers lie in the northern parts of the plateau, hundreds of kilometers from the locus of convergence in the Himalaya to the south [Turner et al., 1996] . In the eastern Anatolian region of Turkey, the most potassic volcanism is found in the north (in the Erzurum-Kars Plateau region) since %11 Ma, several hundred kilometers from the site of subduction in the south where Eurasia and Arabia collided [Keskin, 2003; Keskin et al., 1998; Pearce et al., 1990] . In northeast China lower lithosphere is thought to have been removed beneath the middle of the otherwise undeformed North China Craton, with volcanism spiking around 120 Ma [Gao et al., 2008] .
[9] To evaluate the rheological conditions under which a Rayleigh-Taylor instability develops into this alternate style of downwelling with remote thinning of the unstable layer, we use two-dimensional plane-strain numerical calculations of the instability of a dense layer overlying a less dense halfspace, subject to an initial harmonic perturbation on its lower boundary. We use a shear stress-free top boundary condition on the layer and examine spatially variable rheological properties. Calculations are carried out until the vertical displacement of the lower surface at least approaches initial layer thickness. If indeed the conditions for this type of instability occur on the Earth, it could indicate a mechanism for volcanism several hundred kilometers from active or previously active plate boundaries.
Basic Theory of Rayleigh-Taylor Instability and Small Slope Approximation
[10] Linearized theory is a common approach used to examine the growth of Rayleigh-Taylor instabilities [e.g., Conrad and Molnar, 1997; Chandrasekhar, 1961] . The approximations used must, of course, eventually fail as perturbations grow to large amplitudes and nonlinear terms in the governing equations become large, but the methods capture the initial growth of the instability, provide simplicity to a complex process, and can guide the development of scaling relationships. Canright and Morris [1993] developed small slope solutions for the growth of instabilities in a layer with constant rheological properties bounded by shear stress-free surfaces on the top and bottom of the unstable layer. Using an approach that explicitly includes the nonlinear interactions, they were able to describe unstable behavior at amplitudes larger than is possible with the linear approximation. They show the narrowing of deformation zones, and hence the separation of downwelling and upwelling, with increasing stress-strain exponent, n (see appendix in the work of Canright and Morris [1993] ). We investigate this behavior further with numerical experiments, but we first examine the limits of the small slope theory.
[11] Canright and Morris [1993] examined three types of initial conditions, but the most appropriate for comparison with our experiments is a constant wavelength sinusoidal perturbation (wavelength l) to the thickness of the unstable layer. Their solution for the change in layer thickness (d) with time (t) for non-Newtonian viscosity obeys the following equation:
where d is the thickness of the unstable layer and u is the horizontal component of velocity. When we consider the maximum and minimum thickness of the layer, u is zero, so at these positions Dd/Dt is just the change of thickness with time. Canright and Morris [1993] nondimensionalize quantities by the time scale ( 4B Drgh ) n and length scale by h, the initial thickness of the unstable layer. Here, Dr is the density difference between the layer and lower half-space, and g is gravitational acceleration. B, the viscosity coefficient of the layer (when constant), and n, the rheological exponent are part of the nonlinear constitutive relation between deviatoric stress, t ij , and strain rate, _ ij , defined in our layer:
This form includes an exponential depth-dependence of viscosity that we use later, with B o as the viscosity coefficient at the lower surface, z as the vertical coordinate, set to zero at the bottom of the layer and increasing upward, and L as the e-folding depth scale for the exponential decrease (the depth interval across which the viscosity changes by a factor of e). Our analysis below depends on the dimensionless viscosity stratification ratio, h/L, which can be easily calculated for an olivine rheology [Conrad and Molnar, 1997] . Estimates of this ratio for conditions in the Sierra Nevada vary between 5 and 9 [Harig et al., 2008] .
is the second invariant of the strainrate tensor. This definition follows the convention of Houseman and Molnar [1997] and affects the definition of B values.
[12] We present results in an alternative nondimensionalization, defined by the time scale (
n from Figure 2 onward to conform to earlier work [e.g., Molnar et al. 1998 ]. Canright and Morris [1993] calculated boundary deformation through time (Figure 1 ), ensuring volume is conserved
[13] We first validate the approximate theory by using the boundary deformation from our numerical experiments to calculate, using equation (1), Dd/Dt where the downwelling is maximum at different stages of growth. When we compare these rates to the numerically calculated downward component of dimensionless velocity, w 0 (Figure 2 ), we notice that the rate of downwelling predicted by the analytical approximation is systematically greater than that produced by the numerical calculation and the difference where the singular time t 0 b represents the time when the downwelling reaches infinite depth (Figure 3 ). This form is derived from simple assumptions including an approximation to the nonlinear constitutive relation and that the stresses driving the instability are proportional to its interface deflection [Houseman and Molnar, 1997] . Here we see that the line fitting Z 0(1Àn) versus t 0 will give C from the slope and t [14] Inherent in Canright and Morris's derivation is the assumption of small slopes of the boundaries. While the slopes remain small, the layer has a large horizontal length scale compared to its vertical thickness. Away from the ends, horizontal components of velocity dwarf vertical components, and it is assumed these components of velocity are independent of the vertical coordinate. Their analysis ignores shear stress on horizontal planes, t xz . These assumptions start to fail as amplitudes of deformation become large (in this example, on the order of 10% thickness change), and this failure is likely the main reason for the small divergence between our numerical calculations and their approximate theory. In detail Canright and Morris's analysis is imperfect, but it provides a sensible qualitative image of the process and guides our work below.
Depth Varying Rheological Properties

Constant Density
[15] To complement the small amplitude analysis, we perform two-dimensional plane strain numerical RayleighTaylor instability experiments with depth varying viscosity and categorize the instabilities according to the observed end states. Like Houseman and Molnar [1997] , we use the finite element program Basil and begin with layers of constant density. We vary the depth-dependence of viscosity and the rheological exponent of the layer. Layer thicknesses are perturbed with a dimensionless wavelength of l 0 = l/h = 4p, with amplitude 0.03h or 0.04h, chosen because there is qualitatively little difference in results once wavelength is sufficiently long (l 0 > 2p). Our calculations do not include the energy equation, but previous experiments on convective instability including diffusion of heat [Conrad and Molnar, 1999] , confirm the scaling laws of Houseman and Molnar [1997] .
[16] Holding wavelength constant, instabilities fall within 3 groupings based mainly on the ratio of layer thickness to viscosity length scale, h/L (Figure 4 ). When h/L 2, instabilities develop with zones of downwelling and upwelling separated by a broad region where vertical components of velocity are negligible. Within this central region horizontal velocity, U x , is nearly constant in both x and z directions throughout the run. The entire central region moves as a coherent block toward the downwelling region. Also, as the calculation time nears t b , maximum vertical deflection and velocity of the downwelling and upwelling are of comparable magnitude.
[17] When h/L ! 4, the large viscosity contrast between the top and bottom of the layer enables deformation to concentrate near the bottom part of the layer and the horizontal component of velocity near the top is minimized. Thus significant vertical gradients of horizontal velocity now exist within the central region, and shear strain occurs on horizontal planes in the lower part of the layer. It should be clear that in this case the approximation of negligible shear stress on these planes, made by Canright and Morris [1993] for a layer with constant viscosity, is no longer valid. Furthermore the rates of vertical displacement differ greatly for thickening (downwelling) and thinning (upwelling); these rates differ at short times into the calculation and by increasing amounts as the duration of the calculation approaches the time t 0 b . As h/L increases we see that the maximum thinning factor achieved is decreased as extension is distributed over a broader area of the lower lithosphere.
[18] The impact of h/L on vertical gradients of horizontal velocity is easily seen in the examples shown in Figure 4 . The end member groupings show significantly different shear strain rate fields, which are indicative of their different later deformation patterns. For the calculation with h/L = 4, denoted with an X, we see the shear strain rate field contains vertically stratified positive values, indicating the field is dominated by @u/@z as the lower part of the layer moves toward the downwelling. Conversely, the case with h/L = 0.5 (solid circle) has two separated areas of positive values (5) are fit to the initial small-amplitude deformation portion of the data. The numerical case here uses l/h = 4p.
at the ends of the calculation. Here, @u/@z is modest and the shear strain rate maxima are likely a result of positive values of @w/@x corresponding to the downwelling at one end and the upwelling at the other. These two end member groups merge in a transition region (Figure 4 , open circle) where one sees both concentrations of shear strain rate at the ends of the layer and a vertical gradient of strain rate in the center region. 
Linearly Varying Density With Depth
[19] We also perform experiments with density varying linearly as a function of depth from zero at the base of the layer to two at the top. As before, instabilities grow into different end states depending mainly on the viscosity stratification ratio, h/L ( Figure 5 ). The most noticeable difference for linearly varying density is the shift of the transition region from 2 < h/L < 4 in constant density to 3 < h/L < 6 with linearly decreasing density anomaly. Of course, this assessment of the width of the transition zone, based on the horizontal speed, is subjective. As a more objective measure we calculate the absolute value of the ratio of maximum upwelling speed to maximum downwelling speed at a time when the downwelling zone has thickened by 40% (or is 140% of original thickness). The contours in Figure 5 allow a more precise definition of the transition zone limited by vertical contours at large h/L and horizontal contours at small h/L. The contours also roughly indicate the maximum thinning we should expect; ratios near one indicate the layer approaches the upper limit of thinning to zero thickness.
[20] We note that h/L and n have different effects on the final deformation of the layer, with the rheological exponent controlling the final large amplitude superexponential growth. If two cases have similar velocity ratios, a lower n means the final stages of drip formation will be less abrupt and the layer can continue to thin. Alternatively, when a case with large n reaches t b the downwelling will develop much faster than further thinning.
[21] For example cases with n = 2, and h/L = 6 or 3 we examine the growth of the upwelling and downwelling ( Figure 6 ) to see where they diverge. When the upwelling is localized (Figure 6a ), the maximum upwelling and downwelling deflections are well approximated with the Z 0(1Àn) fits even as they approach the singular time t 0 b . When thinning is distributed over a wider region (Figure 6b ) the downwelling deflection deviates from its best fit and approaches the time t 0 b much sooner than estimated from the fit. The upwelling deflection, however, continues to follow the power law growth trend established early in the calculation.
Variation With Stress Exponent, n, and Viscosity Scaling, h/L
[22] To evaluate the effects of different exponents in the constitutive relationship, n, we examine cases with constant viscosity coefficient (L ! 1) for which separated upwellings and downwellings occur. Although initially perturbed with a harmonic variation in the thickness of the unstable layer, these cases quickly transition to localized thinning and downwellings. As Canright and Morris [1993] found, once l 0 is large enough, the form of deformation should vary with wavelength only as a simple scaling (or stretching). The cases examined here were perturbed with l 0 = 4p, which should be considered for dimensionalization. To quantify the transition to localized deformation we examine the half-width of the upwelling zone, which we define as the position of the local maximum of the slope of the base of the layer (Figure 7 ). These positions are calculated for each time step using the first-order finite difference between the lower surface nodes but are plotted versus vertical displacement at the center of the upwelling (as opposed to versus time) since each experiment uses a different timescale. With increasing n, the width of the upwelling zone decreases, further localizing deformation, as predicted by Canright and Morris [1993] . The steps in the horizontal positions in Figure 7 can be attributed, we believe, to times when maximum slope moves from one boundary node to another.
[23] England et al. [1985] examined the length scales of continental deformation for different plate boundary settings. With some simplification, they solved for the velocity field in a thin viscous sheet perpendicular to a convergent or divergent margin. They found that this component of velocity decreases with distance from the margin as e À ffiffi n p py/l
. In this case, l was the wavelength of their boundary perturbation. Our two-dimensional calculation, with a center region that moves uniformly away from the upwelling boundary, is similar in setting to the convergent/divergent boundary considered by England et al. [1985] . The main difference here is that the velocity parallel to the vertical symmetry plane is not zero.
[24] We estimate where each upwelling width stabilizes in Figure 7 , noting the variability or uncertainty in our estimate, and plot them versus rheological exponent in Figure 8 . The width of the upwelling zone roughly follows the relation
scaled by the perturbation wavelength.
[25] We also examine the velocity profile, u, along the top shear stress free surface at the initial time step. We find that, Figure 7 . A comparison of the horizontal position of the local maximum in lower boundary slope for the upwelling plotted against maximum vertical upwelling position, as each instability develops. Vertical position can be considered a proxy of the timescale across experiments because the vertical position increases monotonically with each calculation step. Each case has constant viscosity coefficient and constant density in the layer, with l/h = 4p. The local maximum in lower boundary slope initially begins at p due to the imposed perturbation and quickly becomes more localized at the upwelling zone. Figure 8 . Estimates of the width of the localized upwelling region versus rheological exponent n, estimated from the maximum slope of the bottom boundary (lower line, left-hand scale). Widths and uncertainties are estimated from Figure 7 . In the upper part of the graph we plot the distance over which horizontal velocity on the top boundary decays away from the symmetry plane versus rheological exponent n. These data use the right-hand y axis.
although it is not a simple exponential function, the distance required for the maximum horizontal velocity to build to (1 À 1/e) of the maximum very closely follows the relation %1.5 * n À1/2 (also Figure 8) . It seems that although our calculations include greater complexity than those of England et al. [1985] , the underlying dependence on the square root of the rheological exponent, n, still applies when the medium adequately approximates a half-space perpendicular to the symmetry plane (in our case when l > p).
[26] Variation of the width of the upwelling with viscosity stratification ratio, h/L, is examined in Figure 9 . Here the rheological exponent n = 3 for each case. The width of the upwelling region shows little dependence on h/L except when h/L ! 4 (when broad distributed thinning occurs). Since we might expect h/L values for lower lithosphere to vary between 5 and 9, this shows that when the hightemperature stress strain exponent of n = 3.5 for olivine is used for the entire lithosphere, localized thinning would be unlikely.
Discussion
Large-Scale Lower Lithosphere Removal
[27] The zone of plate-like deformation occurs when h/L < 3 and is below the range of values we might expect in typical lower lithosphere, which can range from roughly 5 to 9 [Harig et al., 2008] . The h/L ratio of the power law rheology of olivine is determined approximately as
where E a is activation energy which can vary between 430 and 540 kJ/mol [Karato and Wu, 1993] , DT is the temperature variation across the layer, n is the stress strain constitutive exponent often fixed at 3.5 (based on creep measurements of dry olivine), R is the gas constant (8.314472 J K À1 mol À1 ), and T 0 is the temperature at the base of the layer [Harig et al., 2008] . With this rheology, h/L < 3 requires either unreasonably warm Moho (T % 900°C for a mantle potential temperature of T 0 = 1300°C, DT = 400°C) or a transition to the low-temperature highstress creep regime which results in a greater effective value of n [Evans and Goetze, 1979; Goetze, 1978] .
[28] At high stresses the power law constitutive equation for olivine breaks down to an exponential relation between stress difference and strain rate experimentally given by Goetze [1978] and Evans and Goetze [1979] as
Here _ 11 is the longitudinal strain in a uniaxial strain rate experiment, and s 11 À s 33 is the difference between longitudinal compressive stress and confining pressure. Molnar and Jones [2004] rewrite this in the constitutive form of equation (3) as
The quantities _ 0 , s 0 , and H a are experimentally determined and given by Goetze [1978] to be 0 = 5.7 * 10 11 s
À1
, s 0 = 8.5 GPa, and H a = 536 kJ/mol, and other symbols are as in the notation section. In this form, Molnar and Jones [2004] compared the high-stress effective viscosity coefficient to that from the power law relation, equation (3). They determined that for geologically relevant strain rates, 10 À13 À 10 À15 s À1 , this high-stress law would apply in the upper portions of the mantle lithosphere where temperatures are below %800-1000°C [Goetze, 1978; Molnar and Jones, 2004; Tsenn and Carter, 1987] . This high-stress law may also be well approximated using a power law with n ! 10 for which stresses are rather insensitive to strain rates [e.g., Dayem et al. 2009 ]. Using n = 10 in equation (7) means that h/L becomes about 3, whereas for n = 3.5 it is about 8. If n is effectively 10, as it would be if dominated by the lowtemperature flow law, then upper portions of the mantle lithosphere have the potential to be dynamically removed by this mechanism, along with the lower portions of the layer.
[29] The assumption of a zero shear stress condition at the base of the crust represents one possible end member boundary condition and can be justified geologically in several ways. One could argue that the lower crust should be weak compared to the upper mantle when it is suffi- Figure 9 . We plot, as in Figure 7 , the upwelling zone width versus upwelling deformation for cases with n = 3. Each case has constant viscosity coefficient and constant density in the layer, with l/h = 4p. Those cases that develop with separated upwellings and downwellings, h/L < 4, show little variation with length scale of viscosity variation. The case of h/L = 4 does not develop with separated upwellings and downwellings, and upwelling deformation remains minimal compared to downwelling deformation (54% of layer thickness in this case). ciently warm. Evidence of an eclogitic layer at the base of the crust could also suggest this boundary condition [e.g., Harig et al., 2008] as eclogite is thought to deform at lower viscosities than granulite [e.g., Austrheim, 1991] . Finally, a quartz-rich crust also has the potential to flow at relatively low shear stress at typical Moho temperatures [e.g., Brace and Kohlstedt, 1980; Sibson, 1977 Sibson, , 1982 . Even at high pressures these flow stresses for quartz remain below a few MPa and microstructures suggest the stresses do not even reach this threshold to transition to dislocation creep [Stöckhert and Renner, 1998 ].
Intracontinental Magmatism
[30] With a shear stress-free upper boundary, rheological exponent n ! 2, and l 0 ! 6 downwellings and upwellings are separated by a central region that has relatively low internal strain rate and near uniform horizontal velocity and that moves as almost a coherent block. This suggests that localized thinning could be offset several hundred kilometers from the zone of downwelling.
[31] Although potassic magmas can result from various triggers, they may link to lithospheric instabilities in several plate boundary regions. In the Sierra Nevada, broad highpotassium magmatism is one of several observations that indicate removal of lower lithosphere (in this case within 100 km of inferred downwelling). These volcanics of varying type [e.g., Farmer et al., 2002] are inferred to have lithospheric mantle sources that have been metasomatized in a previous arc magmatism setting, as opposed to a depleted mantle source [e.g., Turner et al., 1996] . The convective removal of lower lithosphere allowed the lithospheric mantle to melt where thinned, either adiabatically in upward flow [e.g., Elkins-Tanton and Grove, 2003] or by simple conductive heating of shallow lithosphere exposed to hot asthenosphere [e.g., Farmer et al., 2002] , causing an abrupt pulse of magmatism at $3.5 Ma.
[32] Generally, since the metasomatism of lower lithosphere is preserved for as long as temperatures in the lithosphere remain below the solidus, these magmas are also possible away from current or geologically recent subduction zones, in settings that could have had subduction influences further back in time [Elkins-Tanton, 2005 , 2007 . For instance, much of the western United States can be assumed to have been hydrated by low angle subduction in the early Cenozoic [Farmer et al., 2008] . This potassic magmatism may also follow dry adiabatic melting of asthenosphere if the downwelling lithosphere releases hydrous volatiles as it sinks to greater pressures [ElkinsTanton, 2005 [ElkinsTanton, , 2007 Elkins-Tanton and Hager, 2000] .
[33] Melting in the localized upwelling zone should be controlled by the deflection of the lithosphere-asthenosphere boundary (Figure 4) , the width of which depends on the rheological exponent, n (Figure 8 ). This melting ought not occur throughout the entire column of mantle lithosphere. While material near the top of the column would move upward adiabatically, its initially low temperature would prevent it from reaching its solidus and hence melting.
[34] The localization of the upwelling zone when h/L is less than about three implies that when a shear stress-free surface might be applicable, magmatism could play an even more important role than considered previously. First, thinning, and hence magmatism, need not occur near plate boundaries, where large stresses and strains can easily create the perturbation necessary to induce gravitational instability. Magmatism instead may appear several hundred kilometers into the continental plate. There, increased lithospheric thicknesses may hide surface indicators of thinning or extension such as rapid change of surface elevations or rifting. Second, magmatism may be more diagnostically important at smaller horizontal length scales than can be resolved with other techniques such as travel time tomography or receiver function analysis. It may be that shorterscale, unresolved lithospheric instabilities occur, requiring densely spaced seismic networks for detection [Yang and Forsyth, 2006] . In this case, the high-potassium magmatism may be the best evidence with which to begin an investigation of lithospheric removal induced by convective or Rayleigh-Taylor instability.
Conclusions
[35] When the dimensionless wavelength of the perturbation, l 0 (ratio of perturbation wavelength to layer thickness), is greater than approximately six, and shear stress on the upper surface is negligible, a power law rheology causes two-dimensional Rayleigh-Taylor instability to separate into two forms, controlled by viscosity, density, and stress strain exponent. For low-viscosity stratification ratios, h/L 2 (for constant density) or h/L 3 (for depth-dependent density), deformation concentrates at the ends of the unstable layer as localized upwelling and downwelling. The middle part of the layer moves horizontally towards the downwelling as a coherent block. Throughout the growth of the instability, the upwelling and downwelling grow at comparable rates.
[36] As h/L increases, the similarities between upwelling and downwelling diverge. The vertical viscosity variation permits vertical gradients in horizontal velocity and prevents the middle area from ever moving as a coherent block. Upwelling deformation is distributed over a broader area of the lower lithosphere and total thinning remains small as downwelling peaks.
[37] The transition zone for intermediate values of h/L reflects a combination of these two end states. The initial growth of the instabilities mirrors those with separated upwellings and downwellings, which grow at similar rates, and a middle zone with subtle vertical gradients in horizontal velocity. Final stages of growth are similar to cases with large h/L, with downwelling growing rapidly and upwelling becoming more diffuse. This transition type appears at slightly higher viscosity stratification ratios with the introduction of depth varying density.
[38] The estimated width of the maximum upwelling zone is controlled by the rheological exponent in the constitutive equation and varies as %n À1/2 . The decay in horizontal velocity away from the side boundaries of our layer also indicates a %n À1/2 relation. Together they compare well to earlier studies of deformation length scales for a half-space deformed by boundary stresses [England et al., 1985] .
[39] We suggest the low-viscosity stratification ratio required for plate-like deformation (h/L < 3) is plausible when considering the high-stress low-temperature creep regime. Approximating this regime with a n > 10 power law rheology can reduce the effective h/L to the h/L < 3 range. Without the high-stress regime, low h/L ratios are less realistic, and high values of B at low temperatures would prevent upper portions of the mantle lithosphere being removed when dynamical instability occurs. The Sierra Nevada, however, provides a counter example; estimates of the lithosphere's thermal structure prior to 10 Ma indicate removal of tens of kilometers of material colder than 900°C [e.g., Molnar and Jones, 2004] has occurred.
Notation
B Viscosity coefficient (where constant in the layer). B 0 Viscosity coefficient at the base of the layer, through which it decreases with depth. d e Equilibrium thickness of the unstable layer defined by Canright and Morris [1993] as the thickness that has no tendency to grow or shrink. Ë Second invariant of the strain rate tensor. E a Activation energy. 
